The proposed mean ice compressive strength estimate is higher than those derived by minimizing the cumulative error between simulated and observed buoy drift trajectories.
abstract Satellite-derived sea-ice drift maps and sea level pressures from reanalysis data are used to infer upper and lower bounds on the large-scale compressive strength of Arctic sea ice. To this end, the two data sets are searched for special situations when the wind forcing and its orientation with respect to the coastline allowed us to deduce a mean sea-ice compressive strength from simple theory. Many estimates of ice compressive strength were possible for the winter of 1992-93 when the Arctic High was confined to the western Arctic and deep penetration of the Icelandic Low produced wind patterns that pushed the ice perpendicular to the coastline in the Beaufort and East Siberian seas. The winter of 1996-97, on the other hand, was characterized by a well established Arctic High, producing wind patterns that generally pushed ice along coastlines rather than against them. Results show lower and upper bounds on the sea-ice compressive strength parameter of 30 and 40 kN m −2 , and 35 and 45 kN m −2 , for the winters of 1992-93 and 1996-97 respectively (with a potential bias low of about 10 kN m −2 ). We also found a tensile strength for sea ice of about 25 kN m −2 in the East Siberian Sea in the first few hundred km from the land, presumably associated with land fast ice.
The proposed mean ice compressive strength estimate is higher than those derived by minimizing the cumulative error between simulated and observed buoy drift trajectories.
We note that the uncertainties in the estimates derived from models are large (with an unbiased estimate of standard deviation of 8.75 KN m −2 ). The estimates of yield strength in isotropic compression presented herin are in good agreement with a previous estimate made during the Arctic Ice Dynamic Joint EXperiment, and with in-situ ice compressive stress measurements made in the Beaufort Sea.
Introduction
The advection of sea ice by surface wind and ocean stresses is a fundamental process affecting the concentration and thickness distribution of sea ice at high latitudes.
These two factors in turn control the surface albedo, mediate the heat and freshwater fluxes between the atmosphere and ocean (and between different ocean basins), and through multiple feedbacks have a large influence on the high latitude climate. For instance, projections of future climate change have often shown important changes at high latitude (Houghton et al. 2001 ), in part due to differences in the advection of sea ice. Furthermore anomalies in sea-ice concentrations have been shown to have an effect on the mid-latitude climate variability (Parkinson et al. 2001) . Thus, an appropriate treatment of the sea-ice dynamics in regional and global models is crucial in order to
properly account for the effects of sea ice on the high latitude climate and its variability.
Important controls on the motion of sea ice include the parameters that govern its strength, and the rheology which specifies the relationship between the internal ice stresses (induced by winds and ocean currents) and the resulting deformation field. In particular, the stiffness of the pack ice is strongly dependent on its compressive and shear strengths, and to a much smaller extent on its tensile strength. These parameters set the shear and compressive loads required for the ice to fail and start to flow. Their relative magnitude will dictate the proportion of axial and shear strain rates present in the sea-ice field (i.e. formation of ridges or flow along slip lines), and also the partition of the energy input from the wind between potential and kinetic energy of the pack, and energy dissipated during such deformations. For these reasons, the specification of the sea-ice compressive and shear strength parameters will have an influence on the simulated thickness distribution, lead fraction, the motion of sea ice, and ultimately on the amount of sea-ice (or fresh water) export out of the Arctic into the northern North
Atlantic.
There are two main parameters used to define the compressive strength of sea ice:
the yield strength in isotropic compression (p * , Coon et al. 1974 ) and the compressive strength parameter (P * , Hibler 1979) 1 . A first attempt at independently assessing the yield strength of sea ice in compression was made in the mid-seventies by equating the rate of plastic work done during deformation (i.e. internal stress times strain rate or stretching) to the rate of change of gravitational potential energy and frictional dissipation during the the ridging process (Rothrock 1975 (1975) , and the resulting ice strength estimate was now in line with that of P76. Direct sea-ice stress measurements made on ice floes in the Beaufort Sea show peak values in σ 2 − σ 1 (twice the maximum shear stress) ranging between 60 and 100 kN m −2 (Richter-Menge et al. 2002a; Richter-Menge and Elder 1998; Richter-Menge et al. 2002b) in general agreement with P76 -assuming that the maximum compressive stress is of the same order of magnitude as the maximum shear stress. More recently, an indirect 1 p * is one of three parameters defining the shape of a given yield curve -the other two being the stress invariants σ I and σ II , or the principal stresses σ 1 and σ 2 . p * defines the size of the yield curve but has no effect on its shape. In Hibler (1979) , p * and P * are referred to as P and P * respectively. Assuming a linear deformation law, the relationship between the two variables in the standard viscous plastic rheology can be expressed as p (Hibler and Walsh 1982) were obtained for the standard viscous plastic rheology of Hibler (1979) . While the range in model-derived P * is large, depending among other things on the surface wind stresses used to force the models, these estimates are in general agreement with the value derived from the AIDJEX observations (assuming a typical ice thickness of 3 m north-west of Banks Islands in February and a linear deformation law).
Recently, the polar remote sensing group of the Jet Propulsion Laboratory have compiled almost a decade of satellite-derived winter sea-ice drifts for the Arctic, Weddell and Ross seas (using passive microwave imagery SSM/I, Kwok et al. 1998 ). In the following, satellite-derived sea-ice drift data, and sea level pressures (SLP) from the NCEP reanalysis are used to extend previous estimates of sea-ice strength made during AIDJEX. Using this approach, we make a large number of ice strength estimates from which a range of possible value for both p * and P * can be made. The outline of the manuscript is as follows. Section 2 presents the rationale and method used to derive the sea-ice strength estimates. In section 3 we presents results for the winters of 1992-93 and 1996-97 for the Arctic Ocean. The main conclusions drawn from this study are summarized in section 4.
Method
The methodology used to derive sea-ice strength estimates follows that presented in P76. In order to provide an independent measure of p * and P * , as well as additional constraints on the selection of this parameter (i.e. upper and lower bounds), 3-day average sea-ice drift velocities from passive microwave satellite imagery and sea level pressure maps (2.5 x 2.5 degree spatial resolution and one day temporal resolution) from the NCEP reanalysis are analyzed.
a. Upper and Lower bounds estimates
In the Arctic, sea ice drifts on average approximately 5 degrees to the right of the geostrophic winds in winter (Thorndike and Colony 1982) . In the atmospheric boundary layer, the winds turn to the left (due to surface friction). However, the sea-ice drift is to the right of the surface wind due to the Coriolis effect. For typical ice thickness, drift speed, and internal ice stresses, these two effects almost compensate one another and the ice flow nearly follows the geostrophic winds and therefore lines of constant sea level pressure (see Fig. 1 , or Kwok et al. 1998, their Fig. 2) . Of course, large cross isobar sea-ice flow (to the left or the right) also occurs depending on the relative importances of wind stress, water drag (including wind and water turning angles), the Coriolis effect and the sea-ice interaction term (Steele et al. 1997 ). An example of this is seen in the Laptev Sea, where the sea-ice drift is to the right of the isobars (see Fig.1 ). In the following, we consider large scale sea-ice motion for which the geostrophic approximation is a good first approximation. Fig. 1 .
In a first step, instances when the wind blew perpendicular to a coastline for a few consecutive days were identified and recorded. If the ice does not deform under such a condition, the surface wind stress must be balanced by the divergence of the internal ice stress, the water drag and the sea surface tilt term. Assuming that (1) the geostrophic ocean current is negligible (i.e. ocean stress and sea surface tilt terms are ignorederrors associated with this assumption are discussed at the end of this section), and that (2) the forcing is uniform in space (∂/∂y = 0), the momentum balance in the direction of the flow (x) can be written as (P76):
where τ x is the wind stress and σ xx is the axial component of the sea-ice stress tensor acting in the x-direction. Integrating over the fetch of the wind L, and considering the fact that σ xx is always negative, we obtain:
Since the axial stress is by definition smaller (in magnitude) than the maximum normal stress (expressed in terms of the stress invariant components as −σ I + σ II ), then
In this equation, σ I and σ II represent the average normal stress and maximum shear stress at a point, and can be related to one another for a given choice of yield curve.
For an elliptical and a Mohr Coulomb yield curve, the relationship between the two stress invariants can be written in normalized coordinates as:
where e (the ellipse aspect ratio, Hibler 1979) and φ (the internal angle of friction, Flato and Hibler 1992; Tremblay and Mysak 1997) give a measure of the sea-ice resistance to shear deformation. Using Eq. 4 and 5, the maximum compressive strength ( −σ I + σ II )
can be written as:
Note that the maximum compressive strength for the elliptical yield curve is relatively insensitive to the ellipse aspect ratio, ranging from a value of 2.414 for a circular yield curve (e = 1) to 2 for the cavitating fluid rheology (e → ∞) -values quoted are in non-dimensional form. For a typical e value of 2, the maximum compressive strength is equal to 2.118. In Eq. 6, the maximum (in magnitude) normal stress occurs at
For the Mohr Coulomb yield curve (Eq. 7), the maximum normal stress occurs at σ *
Combining Eqs. 3, 6 and 7, a lower bound on the compressive strength of sea ice can expressed as:
In the above equation, τ x L represents the total force exerted by the wind over the fetch, and α is a rheology dependent parameter relating the maximum normal stress at a point and the isotropic yield strength of the material in compression. This parameter is expressed as a function of the internal angle of friction φ, for the Mohr-Coulomb yield curve (typically equal to 30 • ), and the ellipse aspect ratio e for the elliptical yield curve (typically equal to 2). In the following, results will be presented for a value of α = 1.0, representative of the elliptical yield curve (α ≈ 1.1 for e = 2), and cavitating fluid rheology (α = 1 for e → ∞). For the Mohr-Coulomb yield curve, α = 1.5 and the estimates of p * and P * presented later can simply be scaled down by this factor.
In a similar manner, an upper bound on the compressive strength of sea ice is derived for cases when the ice deforms under the applied load. In this case, neglecting the ocean stress (a force retarding the motion of the ice) reverses the sign of the inequality in equation 2, so long as the axial stress at the beginning of the fetch σ xx (0) is small compared to τ x L. Considering only cases when the shear stress (σ xy ) in the region of interest is small (i.e. −σ xx ≈ −σ yy ≈ −σ I >> σ II ), equation 3 provides us with an upper bound on the sea-ice compressive strength equal to:
and equation 8 still holds with the sign of the inequality reversed. Note that the assumption of small σ xx (0) and σ xy leads to an error of the same sign on the left and right hand sides of equation 2, and will tend to cancel one another out. Using a standard bulk formula (e.g., McPhee 1975), the surface wind stress acting on the ice τ a can be written as:
where ρ a (= 1.3 kg m −3 ) is the air density, C da (= 0.0012, Hibler 1979 ) is the air-ice drag coefficient, U a is the mean geostrophic wind over the fetch L (estimated from the SLP gradient), and θ (= 25 • ) is the wind turning angle.
Assuming a deformation law of the form (Hibler 1979) :
where h is the thickness of the weakest ice over the fetch L, an estimate of the sea-ice strength parameter P * can be deduced from the yield strength in isotropic compression p * . In the following, we specify h from the seasonal ice thickness climatology of Bourke and Garrett (1987) . Sea-ice thickness from a high resolution simulation of the Arctic
Ocean forced with contemporaneous atmospheric data (Armstrong et al. 2003) did not lead to any significant differences in the results (not presented here). Ice thickness estimates derived from altimeter measurements in the peripheral seas of the Arctic are starting to emerge (Laxon et al. 2003) . When they become available, observed ice thickness can be used to further test this method.
There are several sources of uncertainties associated with this approach. Neglecting the geostrophic ocean current decreases the ice strength estimates by about 15%
(assuming typical values of ocean currents are less than 5 cm s −1 , P76). Large uncertainties can be associated with the choice of air-ice drag coefficient. Prinsenberg and Peterson (2002) and Smith (1990) report values of C da over ice surfaces ranging from 0.5 to 5 × 10 −3 depending on the atmospheric boundary layer stability and surface roughness. The uncertainty on the mean drag coefficient over large fetches is likely to be much smaller, but results from modeling studies suggest that it may still be large - In P76, one estimate of sea-ice yield strength in isotropic compression was derived from four events that occurred in February 1976 during AIDJEX. In the present study, a large number of estimates of sea-ice strength is used to derive ranges of possible values for p * and P * . Our large sampling technique minimizes the sensitivity of the results to random errors in wind stress and sea-ice thickness. The uncertainty in the final numbers quoted in the next section therefore depends mainly on correlated errors and biases present in those two input fields.
b. Scene identification
Criteria for selecting sea-ice drift events are summarized as follows:
• The wind should be blowing consistently in the same direction and perpendicular to a coastline. The word "consistently" in this context depends on the wind history prior to the events. If the wind was recently blowing sea ice away from the coast, thin ice will be present in the pack, and the first several hours will be used to ridge the newly formed ice in the leads. In this case we require that the wind be blowing consistently for a couple of days before sea-ice strength estimates are performed. Again the spatial and temporal scales associated with the geostrophic winds used in this study are 1 days and of the order of 100km, respectively.
• The wind should be blowing in the same direction over the entire fetch. Large changes in the direction of the winds will induce shear deformation and the normal load may not be transmitted all the way to the coastline. Such a case would lead to very low ice strength lower bound estimates that are not applicable.
The selected events are used to derive strength estimates using sea-ice drift data (to determine whether deformation is present or not) and sea level pressure from NCEP reanalysis (to determine the forcing on the ice). estimates were also included. These were possible because in most cases considered, the ice was pushed against two perpendicular coastlines (e.g. those of Banks Island, and the Yukon and Alaskan coastlines) and consequently the shear stress within the ice is believed to be relatively small. Fig. 2 . (Fig. 3a) .
Results

Most events used in this study
The sensitivity of the sea-ice strength estimates to random errors in sea-ice thickness (Eq. 10) is small. To quantify this, the same analysis was repeated using the seasonal ice thickness climatology of Bourke and Garrett ± a random error of 50 cm (see end of section 2.1). This affected the shape of the distributions, but had no noticeable effect on the range of allowable P * presented in Figs. 3 and 4 -due to the large number of events analyzed. Of course, the error may not be random: i.e. there could be biases present in one given year. The fact that the analysis of two separate years (1992-93 and 1996-97) with two very different wind patterns in the Arctic give very similar ranges of P * suggests that the uncertainties associated with the choice of ice thickness are comparable to the range quoted for the P * estimates (15 kN m −2 ). The neglect of ocean currents however, is believed to lead to a 15 % underestimate of the sea-ice strength.
The bias low in the NCEP SLP is not significant and therefore is not believed to lead to any significant uncertainty in the range of possible ice strength esimates.
The range of possible P * shown in Figs. 3 and 4 are of the same order of magnitude as previous estimates of 15 kN m −2 by Kreyscher et al. (1997 Kreyscher et al. ( , 2000 and 27.5 kN m −2 by Hibler and Walsh (1982) . Note, however, the large difference in P * values between the two studies. In both papers, the optimal P * is found by minimizing the error between buoy trajectories and the simulated sea-ice drift from the same locations. Kreyscher et al. (2000) use a value of C da of 2.75 × 10 −3 and surface winds from the NCEP/NCAR reanalysis, while Hibler and Walsh (1982) uses a C da of 1.2 × 10 −3 , together with geostrophic wind derived from the NCAR SLP. On average, the NCEP reanalysis surface winds in winter in the Arctic are 10% smaller than the geostrophic winds in the free troposphere. This leads to 20 % smaller wind stresses, and is not enough to compensate for the large difference in the air-ice drag coefficients used between the two studies (2.75 versus 1.2 ×10 −3 ). The disparity is also compounded by the fact that the P * of Kreyscher et al. (2000) is also smaller, despite the larger C da .
Other factors could explain the difference between the two studies, namely: the grid resolution, the buoy data used to minimize the error [the buoy statistics used by Hibler and Walsh are based on 2 years of data, while those of Kreyscher et al. are based on 16 years of data], and the simulated ice thickness (the ice thickness in Hibler and Walsh (1982) is slightly thinner in the central Arctic than that of (Kreyscher et al. 2000) ).
These differences however are not expected to have a large impact on the evaluation of P * . Finally both models may not have been iterated until convergence is achieved -for instance running a model with a smaller pseudo time step will have an impact on the stress state produced by the model (Zhang and Rothrock 2000) and the mean kinetic energy of the pack ice (results not shown).
At this point, one thing stands out. The optimal value of P * that should be used in model simulations is intimately linked with the choice of air-ice drag coefficient (i.e.
higher energy input from winds, higher energy dissipation is required). Uncertainties in the air-ice drag coefficient are therefore a major source of error in trying to evaluate the appropriate P * to be used in a model study. In our study we calculate the wind stress following Hibler (1979) or Hibler and Walsh (1982) , and accordingly our estimates should be compared with the value of 27.5 kN m −2 . Taking into account the errors associated with both method of arriving at P * estimates, we consider the estimate shown in Fig. 3 and 4 to be generally higher than values quoted in the literature. This is reasonable, in part since prior studies use models forced with daily-averaged winds (where wind gusts are filtered). In order to mimic the behavior of real ice, a smaller ice strength in models would be required to compensate for this.
Concluding remarks and future work
Sea-ice drift maps and sea level pressure data from passive microwave imagery and the NCEP reanalysis were used to infer the large-scale compressive strength of sea ice.
To this end, we identified instances when the wind was blowing over sea ice for a few consecutive days perpendicular to a coastline, during the winters of 1992-93 and 1996-97.
Using standard bulk formula, the total force acting on the ice was calculated from the fetch and the mean wind speed acting over that fetch. Results show a possible range of sea-ice compressive strengths between 30 and 45 kN m −2 , an estimate valid for both elliptical and the cavitating fluid rheologies. For the Mohr Coulomb yield curve these values are smaller by a factor of 1.5. The P * estimates are in general agreement but are somewhat larger in magnitude than values derived from the calibration of sea-ice models against sea-ice drift from buoy data (forced with daily averaged wind). Note however that the uncertainty in model derived P * using method is large. The range of values for the yield strength in isotropic compression is also in close agreement with a previous estimate made by Pritchard (1976) during AIDJEX in the Beaufort Sea, and with in-situ stress measurements made in the Beaufort Sea. Future work will include similar estimates for the Southern Ocean, where passive microwave imagery and reanalysis data are also available. Furthermore, as sea-ice thicknesses derived from altimater data are starting to become available, these observations will be used in conjunction with the method presented here to provide P * estimates.
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